Several episodes of complete melting have probably occurred during the first 8 stages of the Earth's evolution. We have developed a numerical model to moni-9 tor the thermal and melt fraction evolutions of a cooling and crystallizing magma 10 ocean from an initially fully molten mantle. For this purpose, we numerically 11 solve the heat equation in 1D spherical geometry, accounting for turbulent heat 12 transfer, and integrating recent and strong experimental constraints from min-13 eral physics. We have explored different initial magma ocean viscosities, com-14 positions, thermal boundary layer thicknesses and initial core temperatures. 15 We show that the cooling of a thick terrestrial magma ocean is a fast pro-16 cess, with the entire mantle becoming significantly more viscous within 20 kyr. 17 Because of the slope difference between the adiabats and the melting curves, the 18 solidification of the molten mantle occurs from the bottom up. In the meantime, 19 a crust forms due to the high surface radiative heat flow. We show that the last 20 drop of fully molten silicate is restricted to the upper mantle. Among the stud-21 ied parameters, the magma ocean lifetime is primarily governed by its viscosity. 22 Depending on the thermal boundary layer thickness at the core-mantle bound-23 ary, the thermal coupling between the core and magma ocean can either insulate 24 the core during the magma ocean solidification and favor a hot core or drain 25 the heat out of the core simultaneously with the cooling of the magma ocean.
km thick viscous mantle but ignoring the potential presence of a molten layer 144 just above the core-mantle boundary, and its effect of the CMB heat flow. Here, 145 we model the secular cooling of an initially fully molten magma ocean by con-146 vective transport of heat in a 1-D spherically symmetric geometry. We assume 147 a multicomponent chemically homogeneous magma ocean made of a combina-148 tion of forsterite, enstatite, fayalite, anorthite and diopside. In the following 149 sections, we describe the model setup and equations. 150 2.1. Physical model for planetary thermal evolution 151 We model the thermal evolution of a deep iso-chemical silicate mantle over-152 lying an iron core by solving the conservation of energy in a one-dimensional, 153 spherically symmetric domain (with a radius ranging from 3500 to 6400 km):
with ρ the density, C p the mantle heat capacity, T the temperature, t the time 155 and k the thermal conductivity. Among the heat sources that have potentially 156 delivered the energy required for significant melting in the early Earth, the decay Thermal energy is transferred by convection in the region where the temper-170 ature gradient is steeper than the adiabatic temperature gradient, or by conduc-171 tion elsewhere. To account for the heat transfer within a vigorously convecting 172 magma ocean, in Eq. 1, the thermal conductivity k is the sum of the intrinsic 173 thermal conductivity k c and an effective conductivity due to thermal convection 174 k v . Following Neumann et al. (2014) , the latter is estimated as follows:
where L is the thickness of the magma ocean at time t, F conv is the convec-176 tive heat flux at radius r and time t and ∆T is the difference between the 177 temperature profile and the adiabatic profile T ad with a potential temperature 178 corresponding to the temperature of the surface of the magma ocean. number Ra:
where α is the thermal expansion coefficient of the magma ocean, g is the gravitational acceleration assumed to be constant through the whole mantle and η 184 is the local dynamic viscosity.
186
In the context of an initially fully molten mantle, the convective velocities 187 are estimated to u 0 ∼ 10 m/s (Solomatov , 2007) 
where P r is the local Prandtl number (= C p η/k c ) and λ is the aspect ratio for 195 the mean flow. We assume that λ = 1 and that rotation does not have any 196 significant effect on the heat flow (Solomatov , 2007) . Viscosity is strongly dependent on the local melt fraction φ, which is calcu-224 lated as follows:
where T liq and T sol are the liquidus and solidus temperatures, respectively.
226
Following Abe (1997) the viscosity of partially molten silicates η varies between 227 a fully molten end-member η m (assumed to be constant) and a solid end-member 228 9 η s that is temperature dependent:
where ρ m is the density of the molten material, ρ s is the density of the solid 230 material and A = 1.67 (Abe, 1997) . When the temperature, T , is lower than the 
239
Considering a relationship that involves the solidus rather than the liquidus in 240 Eq. 8 would not affect our results since both the liquidus and the solidus used in 241 our models have a similar trend. Since we consider here the evolution of a fully 242 molten to partially molten magma ocean, the cooling timescale of the magma 243 ocean is mainly governed by η m and is weakly dependent on η s as we will show 244 later.
245
A strong increase in viscosity occurs when the melt fraction equals 40% (Abe, 246 1997). Hence, when the melt fraction approaches this critical value, the pres-247 ence of crystals drastically reduces the efficiency of the magma ocean cooling.
248
In our models, the mantle is considered as part of the magma ocean as long 249 as its melt fraction is larger than 50% (Neumann et al., 2014) and we stop our 250 simulations when the thickness of the magma ocean drop below 100 km. 
Melting curves and adiabats 256
Due to the uncertainties related to the chemical composition of the magma 257 ocean, we consider in our study two models for melting curves and elastic pa-258 rameters: the F-peridotic model and the A-chondritic model. We describe these 259 two models in the following sections. 
T liq = 1982.1 P 6.594 × 10 9 + 1
with T liq is the liquidus temperature and T sol the solidus temperature. .
(12)
For pressures above 20 GPa, the difference between the F-peridotitic and the 280 A-chondritic liquidus is more important. We use the following expression (2013), we obtain the melt density ρ m , the 295 volumetric thermal expansion α as a function of pressure as well as the specific 296 heat C p of the molten material for these two multicomponent assemblages. The 297 density of the solid phase is then calculated as:
with ∆ρ the density difference between solid and liquid (see Tab. 2 for values).
300
For a zone of partial melting, the density ρ , the coefficient of volumetric 301 thermal expansion α and the specific heat C p are given as follows (Solomatov ,
:
where ∆H is the latent heat released during solidification. In vigorously convecting systems such as magma oceans, the temperature 306 distribution is nearly adiabatic and isentropic (Solomatov , 2007) . In one-phase 307 systems, such as a completely molten or a completely solid layer, the equation 308 13 for an adiabat is
In two-phase systems, the effects of phase changes need to be considered (Solo-310 matov , 2007). The equation for such adiabat is given by:
This leads to a two-phase adiabat that is steeper than the purely liquid or 312 solid one-phase adiabats (Solomatov , 2007 and 4000 K are shown in Fig. 1 . We start our models assuming an adiabatic 319 temperature profile with a potential surface temperature T p = 3200 K. likely to be eroded after a giant impact (Shuvalov , 2009 ). Thus, in our models, 326 we neglect the effect of thermal blanketing, and impose a radiative heat flux 327 boundary condition at the surface:
constant and T eq = 273 K the expected equilibrium surface temperature.
331
At the base of the silicate mantle, core-mantle thermal coupling is accounted 332 for via a conductive heat flux imposed at the core-mantle boundary (CMB):
where T core is the average core temperature at the CMB (i.e. we neglect the 334 thermal boundary layer within the core) and T mantle CM B is the mantle temperature 335 right above the CMB. e T BL is the thickness of the thermal boundary layer at the 336 bottom of the mantle where the heat is extracted from the core by conduction.
337
T mantle CM B is obtained solving Eq. 1 while T core is obtained from:
where V core is the core volume, S core is the core surface, ρ F e is the core density, 339 C p,F e is the core heat capacity and F core is the heat flux through the CMB. This drops below 100 km. Fig. 4 (right, black line) shows the core temperature as 389 a function of time for our reference case. In this model, the core temperature 390 decreases monotonically from its initial value of 5000 K to a value of 4430 K, 391 which corresponds to a melt fraction φ ∼ 40% at P=140 GPa (i.e. when the 392 abrupt change in viscosity occurs).
394
We monitored the time evolution of the heat flow coming at the CMB from 395 the core F core and the heat loss at the surface F surf (Fig. 5, a) . During the 396 first 20 kyr, the heat flow at the CMB rapidly increases from ∼ 10 16 to a nearly green curves in Fig. 4 (left) shows that the initial temperature has a negligible 410 influence on the evolution of the magma ocean thickness as well as on its cooling hotter initial core leads to an increase of the core heat flow, by a factor of 3 420 between 5000 K and 7000 K (Fig. 5, a) . However, this increase of the initial 421 core temperature, which should lead to an increase of the surface heat flow, is 422 not visible on the surface heat flow evolution because of the stronger efficiency 423 of the surface cooling.
425
Also, a core initially 2000 K hotter than the lowermost mantle ends up 170 426 K hotter at the end of the MO stage (Fig. 4, right) . When T core 0 = 7000 K 427 the final core temperature is T core = 4600 K which is slightly larger than the 428 temperature at which the melt fraction of the lowermost mantle reaches the 429 40% critical value in the A-chondritic model. m . This is confirmed by our numerical results (Fig. 7) , and consistent with 531 previous work (Solomatov , 2007) :
Most importantly, for realistic viscosities of the fully molten early mantle, the is more willing to retain the core heat than our A-chondritic model, yielding a 548 difference of temperature of ∼ 170 K after the magma ocean has crystallized.
549
In addition, the final core temperature increases by a couple hundred degrees as 550 its early temperature increases. However, for all cases, the average core temper-551 ature at the CMB (T core ) ends up close to the 40% melt fraction temperature 552 of the silicate magma ocean: ±100 K depending on the initial core temperature 553 and on the thickness of the bottom thermal boundary layer.
555
In contrast with previous reports (Labrosse et al., 2007) , our model shows 556 that the crystallization occurs relatively rapidly at the CMB and, after some 557 crystallization has proceeded, the highest amount of partial melting is found at 558 intermediate depth between the surface and the CMB (see Fig. 3 ). One could 559 argue that this result is dictated by the fact that our calculation neglects the 560 possible effects of chemical segregation during mantle cooling. On the contrary, 561 23 we believe that the segregation of a melt above the core mantle boundary would 562 not help to retain heat in the core (Labrosse, 2015; Davies et al., 2015) . A melt 563 that would accumulate just above the CMB by gravitational segregation would 564 be depleted in refractory elements, thus with a liquidus lower than the rest of 565 the mantle. The temperature at which this part of the mantle becomes viscous 566 (at 40% of partial melting) would be lowered and thus the core heat would es-567 cape more easily in the presence of a basal magma ocean (Ulvrová et al., 2012; 568 Nakagawa and Tackley, 2014), in agreement with our results displayed in Figure   569 4. 
